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ABSTRACT 
 
Mixed-phase Clouds, Thin Cirrus Clouds, and OLR over the Tropics: 
Observations, Retrievals, and Radiative Impacts. (August 2007) 
Joonsuk Lee, B. S., Yonsei University; 
M.S., Yonsei University 
Co-Chairs of Advisory Committee: Dr. Ping Yang 
                                                                       Dr. Andrew E. Dessler 
 
The tropics is a very important region in terms of earth’s radiation budget 
because the net radiative heating is largest in the tropics and that surplus energy is 
redistributed by the circulations of oceans and atmospheres. Moreover, a large number 
of clouds are formed by deep convection and convergence of water vapor. Thus, it is 
very important to understand the radiative energy balance of the tropics and the effect of 
clouds on the radiation field.  
For mixed-phase clouds, error analyses pertaining to the inference of effective 
particle sizes and optical thicknesses are performed. Errors are calculated with respect to 
the assumption of a cloud containing solely liquid or ice phase particles. The analyses 
suggest that the effective particle size inferred for a mixed-phase cloud can be 
underestimated (or overestimated) if a pure liquid phase (or pure ice phase) is assumed 
for the cloud, whereas the corresponding cloud optical thickness can be overestimated 
(or underestimated).  
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The analyses of optical depth and fraction of occurrence for thin cirrus clouds 
showed that about 40% of pixels flagged as clear-sky contain detectible thin cirrus 
clouds. The regions of high occurrence and large optical depth located around deep 
convection showed seasonal variations. The thin cirrus clouds occur more frequently 
with larger optical depth in the northern (southern) hemisphere during spring and 
summer (autumn and winter). The net cloud radiative forcing by thin cirrus clouds is 
positive at the top of atmosphere and is negative at the bottom of atmosphere.   
The difference in OLR between measurement and model is 4.2 Wm-2 for 
September 2005. The difference is smaller in moist regions and larger in drier regions. 
OLR increases with increasing surface temperatures up to 300 K but decreases at surface 
temperatures larger than 300 K due to the strong absorption of increased water vapor. In 
summary, if the surface temperature is lower than the threshold of convection (300 K), 
temperature is a dominant factor in OLR and if the surface temperature is larger than 300 
K, OLR is strongly influenced by water vapor. 
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CHAPTER I 
INTRODUCTION 
 
The tropical warm pool region is where deep convection occurs frequently and 
has low outgoing longwave radiation (OLR). Moreover, it is shown that the warm pool 
is a region of local maximum in net radiation at the top of atmosphere. By combining 
these facts with frequent precipitation, moisture transport, and tropical oceans, the 
tropics becomes very important regions in terms of earth’s radiation budget. 
It is important to understand the effect of cirrus clouds on the energy balance of 
the tropical atmosphere because clouds can change the energy balance by reflecting 
incoming solar radiation and absorbing longwave radiation emitted from the surface and 
lower atmosphere. Their frequent occurrence and persistence, their large areal coverage, 
and high altitude make them important components in radiative processes. The spatial 
and temporal variations of cirrus clouds may be another major factor that alters radiation 
budgets.  
Clouds generally have a cooling effect on the climate system because the 
longwave warming effect by clouds due to blackbody emissions at low temperature in 
the atmosphere is smaller than the shortwave cooling effect due to reflection by clouds. 
Because water and ice clouds reflect solar radiation while absorb strongly longwave 
raditation, heating occurs in the lower atmosphere, strong cooling occurs at the top of 
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 thick clouds, and net heating in thin layers [Stephens, 2005; Rossow and Zhang, 1995]. 
The interaction between vertically distributed radiative and latent heating with large-
scale dynamics of the atmosphere drives the global hydrological cycle [Webster, 1994]. 
Also, clouds affect the distributions of diabatic heating within the atmosphere leading to 
a change in atmospheric circulation [Stephens, 2005]. Cloud heating has a direct 
influence on the general circulation of the atmosphere. Thus, the interaction between 
radiative effect of clouds and circulation will contribute to the response of regional 
climates to changes created by global warming. The feedbacks caused by the radiative 
effect of clouds make it difficult to predict earth’s climate change more accurately. 
With the help of satellite radiation budget data sets, the radiative transfer models 
and other observations, we can understand clouds’ radiative effect within the atmosphere 
and at the surface [Bergman and Hendon, 1998].  Thus, in this study, the mixed-phase 
clouds, the characteristics of tropical thin cirrus clouds, their radiative impact, and the 
clear-sky OLR over the tropics will be examined for the better understand of energy 
balance in the tropical regions. 
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CHAPTER II 
THE INFLUENCE OF THERMODYNAMIC PHASE ON THE RETRIEVAL OF 
MIXED-PHASE CLOUD MICROPHYSICAL AND OPTICAL PROPERTIES IN 
THE VISIBLE AND NEAR INFRARED REGION* 
 
2.1 Background 
Both ice and water phase particles may coexist in clouds when the temperature is 
between -40oC and 0oC (Fleishauer et al. [2002]; Korolev et al. [2003]). Such mixed-
phase clouds are important for several reasons. First, the difference in saturation vapor 
pressure between ice and water means that these clouds evolve differently from single-
phase clouds. Additionally, mixed-phase clouds alter the radiative flux differently from 
single-phase clouds, thereby necessitating different treatment of these clouds in both 
numerical weather forecasting and general circulation models (e.g., Sun and Shine, 
1994). Furthermore, mixed-phase clouds can create hazardous conditions for aviation 
due to decreased visibility and aircraft icing (Riley [1998]). 
Mixed-phase clouds are frequently observed in the atmosphere (Fleishauer et al. 
[2002]; Zuidema et al. [2005]). Recent research on mixed-phase clouds has focused on 
the analysis of ground-based or aircraft measurements (Fleishauer et al. [2002]; Zuidema 
et al. [2005]), the microphysical characteristics in cloud processes (Jacobson [2003];  
 
*Reprinted with permission from “The Influence of Thermodynamic Phase on the 
Retrieval of Mixed-Phase Cloud Microphysical and Optical Properties in the Visible and 
Near-Infrared Region”, by Lee, J., P. Yang, A. E. Dessler, B. A. Baum, and S. Platnick, 
2006, IEEE Geoscience and Remote Sensing Letters, 3, 287-291. Copyright 2006 by The 
Institute of Electrical and Electronics Engineers, Inc. 
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Korolev and Isaac [2003]), and modeling simulations (Sun and Shine [1994]; Lubin 
[2004]). However, current operational satellite-based retrievals of cloud microphysical 
and optical properties are based on the assumption of a cloud being composed entirely of 
either ice particles or water droplets (Nakajima and King [1990]; Platnick et al. [2001]; 
King et al. [2004]). This study investigates the cloud optical and microphysical 
properties for clouds containing a mixture of both ice and water particles and compares 
them with retrievals that incorrectly assume that the phase is solely ice or liquid water. 
 
2.2 Radiative transfer model 
The radiative transfer model used in this study discretizes the atmosphere into 
100 layers. The cloud-free atmospheric optical thickness for each layer is computed 
using the MODTRAN radiative transfer model (Berk et al. [1989]). The bidirectional 
reflectance at the top of the atmosphere is computed using the discrete-ordinate radiative 
transfer model (DISORT) (Stamnes et al. [1998]) with a precalculated clear-sky 
atmospheric gaseous optical thickness vertical profile from MODTRAN. For a cloud 
layer, the bulk single-scattering properties of ice particles and water droplets are 
available from a precalculated library. The single-scattering properties of ice particles, 
covering a range of sizes from 1 to 4000 μm, are computed with the approach reported 
in Yang et al. [2000]. The mean (or bulk) scattering properties are calculated using 30 in 
situ size distributions measured for a variety of midlatitude and tropical cirrus cloud 
systems obtained during several field campaigns (Fu [1996]; Mitchell et al. [1996]). 
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In this study, the particle habit (or shape) percentage as a function of particle size 
for a given size distribution of ice crystals is consistent with that used in the MODIS 
(Moderate Resolution Imaging Spectroradiometer) operational (Collection 4 and earlier) 
cloud products (Platnick et al. [2003]). Specifically, the habits of ice particles considered 
for a given size distribution include bullet rosettes, hollow columns, aggregates, and 
hexagonal plates. For small ice particles (Dmax < 70 μm, where Dmax is maximum 
dimension), the ice habit mixture is composed of 50% bullet rosettes, 25% hexagonal 
plates, and 25% hollow columns. For large ice particles (Dmax > 70 μm), the mixture is 
composed of 30% aggregates, 20% bullet rosettes, 20% hexagonal plates, and 20% 
hollow columns, following Baum et al. [2000] and King et al. [2004]. The single-
scattering properties of water clouds are calculated based on the Lorenz-Mie scattering, 
assuming 50 different Gamma size distributions. 
The single-scattering properties of mixed-phase clouds are calculated following 
the definitions in Yang et al. [2003]. Here, the mixed-phase clouds are assumed to be a 
uniform mixture of ice and water particles. The total water content (TWC) is the sum of 
ice water content (IWC) and liquid water content (LWC), i.e., TWC = IWC + LWC. The 
ice mass fraction (γ), is defined as follows: 
TWC
IWC=γ .                                                                                       (2.1) 
The effective particle size Dem  for a mixed-phase cloud can be specified as 
follows [Yang et al., 2003]:   
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Dem = γDeiρi +
1−γ
Dewρw
⎛ 
⎝ ⎜ 
⎞ 
⎠ ⎟ ρm
⎡ 
⎣ ⎢ 
⎤ 
⎦ ⎥ 
−1
,                                                                (2.2) 
where De  and ρ  indicate the effective size and mass density, respectively; and the  
subscripts i, w, and m in Eq. (2.2) denote ice, water, and mixed-phase clouds, 
respectively. 
The optical thickness of a mixed-phase cloud (τm) is given by 
∫ ∫Δ+Δ=+= dDnAQzdDnAQz wwewiieiwim τττ                                           (2.3) 
where Δz is the geometric thickness of the cloud, Qe is the extinction efficiency, A is the 
projected area of the particle, n is the size distribution of particle number density, D is 
the characteristic length of the particle. It can be shown that the optical thicknesses 
pertaining to the ice and water components of a mixed-phase cloud are given, 
respectively, by the following expressions:  
τ i = Qei DemρmγQem Deiρi τ m ,                                                                                   (2.4) 
τ w = Qew Demρm (1−γ)Qem Dewρw τ m ,                                                                         (2.5) 
The detailed mathematical expressions for the quantities involved in Eqs. (2.4) 
and (2.5) can be found in Yang et al. [2003].  
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2.3 Methodology 
We calculate the bidirectional reflectance at the top of the atmosphere using the 
radiative transfer model discussed in the previous section. The bidirectional reflectance 
is defined as 
00
00
),;0(),;,(
F
IR μ
φμπφμφμ =  ,                                                   (2.6) 
where I(0;μ,φ) is the reflected radiance at the top of atmosphere, F0 is the incident solar 
flux at the top of the atmosphere, μ0 is cosine of the solar zenith angle, φ0 is the solar 
azimuthal angle,  μ is cosine of the sensor zenith angle, and φ is the sensor azimuthal 
angle. In this study, we simulate the bidirectional reflectance at high latitudes where 
mixed-phase clouds are frequently observed and use 55.8o, 7.0o, and 20.0o for the solar 
zenith angle, the sensor zenith angle, and the difference between solar and sensor 
azimuthal angles (i.e., the relative azimuth angle), respectively. The corresponding 
scattering angle is approximately 130°. 
A popular method pioneered by Twomey and Cocks [1989], Nakajima and King 
[1990], and Rawlins and Foot [1990] infers cloud microphysical and optical properties 
by using the bidirectional reflectance observations in two or more spectral bands that 
have varying amounts of cloud particle absorption, e.g., a nonabsorbing visible band and 
an absorbing near infrared band, or even two shortwave infrared bands (Platnick et al. 
[2001]). The reflectance in a nonabsorbing band (e.g., 0.67, 0.87 μm) is largely 
dependent on cloud optical thickness, whereas the reflectance in an absorbing band (e.g., 
1.6, 2.1, and 3.75 μm) is sensitive to the cloud particle size (King [1987]). In this study, 
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we use a nonabsorbing and absorbing band defined by the MODIS spectral bandpasses 
at 0.87 and 2.13 µm, respectively, which is a combination used for the primary MODIS 
operational cloud retrieval (Platnick et al. [2003]).  
This method is most accurate over a dark ocean surface away from sunglint, 
where the reflection comes from the cloud layer with little influence from the underlying 
surface (King et al. [2004]. On a bright surface such as ice or snow where the surface 
reflectance is large, the signal from the cloud is mixed with the signal from surface. In 
this study, a surface albedo of 0.03 is used both at 0.87 μm and 2.13 μm (Moore et al, 
[1998]; King et al. [2004]) which is representative of an ocean surface. Sunglint is not a 
concern for the solar-viewing geometry defined in this study.  
 
2.4 Results 
Figure 2.1 shows the variation of the effective particle diameter (Figure 2.1(a)) 
and optical thickness (Figure 2.1(b)) for clouds composed solely of ice, water, and a 
range of ice mass fractions. The water cloud has an effective particle diameter, Dew, of 
15 μm and an optical thickness of τw =10. The ice cloud has an effective particle 
diameter, Dei, of 50 μm and an optical thickness of τi =10. In Figure 2.1(a) when the ice 
fraction γ=0, i.e., a pure liquid water cloud case, the effective particle diameter becomes 
that of the water cloud. When γ=1, i.e., a pure ice cloud case, the effective diameter 
becomes that of the ice cloud. For values of γ between 0 and 1, the effective particle size 
varies smoothly between the ice and water cloud value. When γ=0.5, for example, the ice 
water content equals the liquid water content, but the effective particle diameter (23.5  
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Figure 2.1 The variation of (a) effective particle diameter and (b) optical thickness as a 
function of ice fraction (γ) in a mixed-phase cloud. Subscripts i, w, and m refer to an ice, 
liquid water, and mixed-phase cloud, respectively. 
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µm, see Eq. 2.2) is less than the arithmetic mean of the ice and water cloud effective 
particle sizes (32.5 µm). This occurs because there are larger numbers of smaller 
particles in the water cloud.  
Figure. 2.1(b) shows similar results as for Figure 2.1(a), but for a cloud with a 
total optical thickness, τm, equal to 10.  Note that the magnitude of the derivative of the 
τw and τi components increases rapidly with γ. Figure 2.2 shows the response of the 
bidirectional reflectance at 0.87 and 2.13 μm to changes in γ. These results are 
superimposed on theoretical isolines of τ and De for pure ice (Figure 2.2(a)) and pure 
water (Figure 2.2(b)) clouds. Each symbol (+) corresponds to the ice fraction, which 
changes from 0 to 1 in increments of 0.1. The reflectances change gradually from those 
of a homogeneous water cloud to those for an ice cloud. The reflectance at 2.13μm for a 
water cloud (γ=0) is larger than that for the ice cloud (γ=1) because (a) ice is more 
absorbing than liquid water, and (b) ice cloud particles tend to be larger than for the 
water cloud and therefore have a smaller cloud reflectance. Note that the cloud 
reflectance tends to decrease with increasing particle size. Thus, as γ increases, the 
effective particle size inferred from the liquid water theoretical curves increases. The 
optical thickness in Figure 2.2b also increases with γ because the ice particles have a 
larger asymmetry parameter due to their larger size and nonspherical habits. 
Figure 2.3 compares the differences between homogeneous (with respect to 
thermodynamic phase) ice and water clouds for effective particle diameters (Figure 
2.3(a)) and optical thicknesses (Figure 2.3(b)) retrieved from the theoretical relationships 
of Figure 2.2. In this example (Dei=50 μm, Dew=15 μm), the effective particle diameter  
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Figure 2.2 The variation of the bidirectional reflectance for a mixed-phase cloud at 0.87 
and 2.13μm with the ice fraction (γ) superimposed on the theoretical τ-De curves for the 
(a) ice cloud and (b) water cloud. γ varies from 0 to 1 as denoted by the (+) symbols. 
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Figure 2.3 The comparison of the (a) effective diameter and (b) optical thickness 
retrieved assuming a homogeneous ice and water cloud as a function of ice mass fraction 
(γ). The true mixed-phase cloud parameters (τm, Dem) are also shown. 
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inferred with the assumption of a homogeneous water cloud is smaller than the actual 
particle size of the mixed-phase cloud. Conversely, the effective particle diameter 
obtained assuming an ice cloud is larger than that of the mixed-phase cloud. Figure 
2.3(b) shows the differences in the inferred optical thickness. For this case (τm=10), the 
optical thickness obtained with the water (ice) cloud assumption is larger (smaller) 
thanthat of the mixed-phase cloud. 
  Figure 2.4 shows the variation of the bidirectional reflectance at 0.87 and 2.13 
μm with both γ and optical thickness for mixed-phase clouds as well as for 
homogeneous ice and water clouds. The effective particle diameter of the ice and water 
clouds is fixed at 50 μm and 15 μm, respectively. The optical thickness varies from 1 to 
15.  In Figure 2.4(a) when γ=1, the reflectances correspond to purely ice cloud optical 
thicknesses of 1, 3, 5, 8, and 15, respectively. In Figure 2.4(b) when γ=0, the reflectances 
correspond to purely water cloud optical thicknesses of 1, 3, 5, 8, and 15, respectively. It 
is clear from this plot that substantial errors in inferred effective particle size and optical 
thickness parameters may be incurred if a mixed-phase cloud is treated as a single-phase 
ice or water cloud when using a bispectral retrieval algorithm. 
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Figure 2.4 The variation of the bidirectional reflectance for a mixed-phase cloud at 0.87 
and 2.13μm with the ice fraction (γ) and optical thickness of the mixed-phase cloud 
superimposed on the theoretical τ-De curves for the (a) ice cloud and (b) water cloud. γ 
varies from 0 to 1 as denoted by the (+) symbols.  
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CHAPTER III 
THE DISTRIBUTION OF TROPICAL THIN CIRRUS CLOUDS AND THEIR 
RADIATIVE IMPACTS: ANALYSES BASED ON MODIS AND AIRS 
MEASUREMENTS 
 
3.1 Background 
Clouds play an important role in the earth’s water and radiation budget. The 
horizontal and vertical distributions of the radiative heating rate are affected by clouds 
which reflect solar radiation and absorb longwave radiation. It is quite challenging to 
quantify the role of clouds in the atmosphere because of the need for the detailed and 
accurate information on their optical and physical properties including optical depth, 
particle size distribution, particle shape, location, physical thickness and occurrence 
frequency. However, it is difficult to obtain this information, particularly for thin cirrus 
clouds. 
Thin cirrus clouds are frequently observed near the tropical tropopause, 
according to various measurements [Winker and Trepte, 1998; McFarquar et al., 2000; 
Massie et al, 2002; Pfiester, 2001]. Prabhakara et al. [1993], using Nimbus-4 Infrared 
Interferometer Spectrometer (IRIS) measurements, found that seasonal cloud cover by 
thin cirrus clouds is more than 50% near the central region of the warm pool in the 
western Pacific. Wang et al. [1996], using the Stratospheric Aerosol Gas Experiment 
(SAGE) II measurement, also found that maximum occurrence (~70%) is located at an 
altitude of 15.5km over the western Pacific. Thin cirrus clouds were observed to extend 
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from several hundred meters to one kilometer vertically and thousands of kilometers 
horizontally by the Lidar In-space Technology Experiment (LITE) [Winker and Trepte, 
1998]. 
These thin cirrus clouds can be divided into two types, based on their formation 
mechanisms: high, thin, laminar cirrus clouds and lower, thicker, more structured cirrus 
clouds. Pfister et al. [2001] showed that on the basis of trajectory analyses and 
temperature histories, these two types were formed respectively by (1) in situ formation 
by uplift of humid air and (2) recent outflow from convection. Massie et al. [2002] used 
Halogen Occultation Experiment (HALOE) aerosol extinction data and found that half 
of the HALOE cirrus observations are from convective blow-off, while the other half are 
consistent with in situ formation processes. 
Given the frequent occurrence of these types of clouds, the effect on the water 
and radiation budget can be significant. Thin cirrus clouds absorb longwave radiation 
and emit radiation at very low temperatures. This property can lead to local heating by a 
few K per day [Jensen et al., 1996; McFarquhar et al., 2000] and a net positive cloud 
forcing of 1 Wm-2 [Wang et al., 1996; McFarquhar et al., 2000]. This local heating near 
the tropopause can induce lifting of air and result in the formation of more cirrus or the 
growth of cirrus, causing a decrease in water vapor amount entering the stratosphere 
[Potter and Holton, 1995]. Thus, it is important to understand the radiative effect of thin 
cirrus clouds at the tropopause. 
However, because of the difficulties associated with in situ measurements of the 
proportion of thin cirrus clouds and the limited number of observations, it is difficult to 
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accurately calculate the radiative impact of these clouds. Several studies using lidar 
measurements [Winker and Trepte, 1998; Pfister et al., 2001; Comstock et al, 2002] and 
ground-based measurements [Comstock and Sassen, 2001; Mather et al., 1998; Platt et 
al., 1998] show valuable results, but with time and space limitations. Wang et al. [1996] 
derived a 6-year climatology of cloud frequency from SAGE II observations, but their 
sampling rate and distribution was limited due to the shortcomings of the solar 
occultation technique. 
It is important to investigate the frequency of occurrence of thin cirrus clouds, 
their mean optical depth and radiative impact for better understanding of the role of thin 
cirrus clouds in the climate system. Thus, the objectives of this study are (1) to derive 
the climatological characteristics of optical depth of tropical thin cirrus clouds to find the 
frequency and location of occurrence and (2) to calculate the effect of thin cirrus clouds’ 
radiative forcing in terms of optical depth using retrieved optical depth and Atmospheric 
Infrared Sounder (AIRS) data. 
 
3.2 Data 
The simulation of the effect of clouds on atmospheric radiation needs the cloud 
and atmospheric properties required for computing radiative flux. Cloud properties from 
MODIS and atmospheric profiles from AIRS on the Aqua satellite were used to fulfill 
these calculations in this study. 
Aqua is one of the National Aeronautics and Space Administration (NASA) 
Earth Observing System (EOS) satellite missions. Aqua has six instruments including 
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the Atmospheric Infrared Sounder (AIRS), the Advanced Microwave Sounding Unit 
(AMSU-A), the Humidity Sounder for Brazil (HSB), the Advanced Microwave 
Scanning Radiometer for EOS (AMSR-E), the Moderate Resolution Imaging 
Spectroradiometer (MODIS), and Clouds and the Earth's Radiant Energy System 
(CERES). Aqua with an orbital altitude of 705 km is in a near-polar sun-syncronous 
orbit, ascending the equator at 1:30 pm local time. 
 
3.2.1 MODIS 
MODIS is one of the major instruments on board the EOS Aqua satellite, 
measuring various important properties including clouds, aerosols, water vapor, land, 
and ocean. It measures 36 discrete spectral bands between 0.41 and 14.2μm, with three 
spatial resolutions of 250m (bands 1-2), 500m (bands 3-7), and 1000m (bands 8-36). 
MODIS data are provided at three processing levels from level-1 (radiances and 
brightness temperature) to level-2 (retrieved geophysical properties) to level-3 (daily, 
eight-day, and monthly global averages gridded 1o×1o) [Platnick et al., 2003; King et al., 
2003]. There are 20 reflected solar bands and 16 thermal emissive bands. In this study, 
the cirrus reflectance at 1.38 μm from June 2005 to May 2006 was primarily used. The 
reason for selection of this band will be discussed in section 3.3.1.  
 
3.2.2 AIRS 
AIRS is a high-resolution spectrometer that measures the infrared spectral region 
from 3.75 to 15.4 μm (2378 spectral channels), with a horizontal spatial resolution of 
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13.5 km and four other channels which measure visible and near-infrared radiation from 
0.4 to 0.94 μm, with a horizontal spatial resolution of 2.3 km. AIRS primarily gives 
humidity and temperature profiles in the atmosphere. Additionally, it provides cloud 
properties such as cloud fraction, cloud top height, and cloud liquid water content and 
also provides surface temperature and emissivity, and total ozone column.  
 
3.3 Methodology 
3.3.1 Retrieval of cirrus reflectance using 0.66 μm and 1.38 μm 
Cirrus clouds are usually present in the upper troposphere or lower stratosphere. 
Over 90 % of total water vapor in the atmosphere is located under cirrus clouds [Gao et 
al., 1995]. Thus, 1.38 μm channel receives very little reflected radiance from the surface 
or lower atmosphere if there are no high level cirrus clouds because almost all radiances 
in the 1.38 μm band are absorbed by water vapor in the lower atmosphere. However, if 
cirrus clouds exist, this channel receives a significant amount of signals due to the 
reflection on the cirrus clouds and little absorption by water vapor above the cirrus 
clouds. To show the effect of absorption of 1.38 μm by water vapor, the two-way 
transmittance is calculated using MODTRAN for tropical atmosphere. Figure 3.1 shows 
the two-way clear-sky transmittance calculated by DISORT from 1.2 μm to 1.6 μm at 0, 
5, 10, and 20 km. The standard tropical atmospheric profile was used and the clear-sky 
transmittance was calculated by a line-by-line method. The radiance of 1.38 μm was 
absorbed so strongly that the radiance reflected from the surface can not reach the top of 
atmosphere. 
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Figure 3.1 Two way transmittance of 1.38 μm. 
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Gao et al. [2002] developed a straightforward method to retrieve cirrus 
reflectance. The reflected radiance at 1.38 μm measured by satellite, r1.38, can be 
expressed as follows 
38.1,38.138.1,038.1 )(
~)(~ cc rtrtr Γ== μμ                                                      (3.1) 
where t~  is the transmittance, rc,1.38 is the reflectance at the cirrus clouds, Γ1.38 is the 
two-way transmittance, and μ0 and μ are the cosine of the solar zenith angle and satellite 
zenith angle, respectively. However, the 0.66 μm is a visible channel and is essentially 
not affected by water vapor absorption. Practically, the two-way transmittance of water 
vapor at 0.66 μm band, Γ0.66, is 1. But, the 0.66 μm band is strongly affected by the 
surface reflection. Based on the theory of radiative transfer, the reflectance measured by 
the satellite at the 0.66 μm band, r0.66, including the effect of surface reflection and lower 
atmosphere, can be expressed as 
L++++= )(~)(~)(~)(~)(~)(~ 23020066.0,66.0 μμμμμμ ccscccsccscc trrttrrttrtrr   
       )(~
1
)(~ 066.0, μμ c
sc
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cc trr
r
tr −+=  
       brc += 66.0,                                                                                                   (3.2) 
where ct
~  is the cirrus transmittance, rs is the surface reflectance, cr  is the cirrus 
reflectance for the upward radiance at the bottom of cloud layer. Moreover, it is known 
that there is a linear relationship between the reflectance of cirrus clouds at 0.66 μm and 
1.38 μm [Gao et al., 1998] such that 
66.0,38.1, cc arr = .                                                                                      (3.3)   
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The following relationship can be obtained by substituting (3.3) into (3.1) 
66.0,38.138.1 carr Γ= .                                                                                 (3.4) 
Then, the reflectance at 0.66 μm band and 1.38 μm band can be shown by 
substituting (3.2) into (3.4) 
             )( 66.038.138.1 brar −Γ=    
       266.01 crc +=                                                                                    (3.5) 
where c1 = aΓ1.83 and c2 = -abΓ1.38, respectively. c1 and c2 can be determined from the 
scatter plot of r1.38 and r0.66. Finally, cirrus reflectance, rc,0.66, can be calculated from 
(3.4) using r1.38 and slope, c1. The points along slope, c1, represent a reflection from 
homogeneous surface. Here, c2 depends on the surface reflectance and lower atmosphere 
characteristic. Thus, the points in the scatter plot disperse along the 0.66 μm reflectances 
if the surface property is not homogeneous.  
 
3.3.2 Retrieval of optical depth of tropical thin cirrus clouds 
The radiative transfer equation for the scattering atmosphere can be expressed as 
[Liou, 2002] 
),;(),;(),;( φμτφμττ
φμτμ JI
d
dI −=                                             (3.6) 
where I is radiance, τ is optical depth, μ is the cosine of zenith angle of scattered 
direction, φ is the azimuth angle of scattered direction, and the source function, J, is 
defined by 
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Here, ω~  is a single scattering albedo, P is a scattering phase function, Fo is the solar 
irradiance at the top of atmosphere, μ0 is the cosine of solar zenith angle, φ0 is the solar 
azimuth angle, and B is a radiant intensity. In source function, J, the first term on the 
right hand side represents a multiple scattering, second term shows a single scattering, 
and the third term is an emission from the layer. 
For the optically thin layer, the single scattering of direct solar beam contributes 
most of the scattering event. Thus, the source function can be approximated as  
0/
0,0 );,(4
ˆ
),;( μτφμφμπ
ωφμτ −−≅ ePFJ o .                                               (3.8) 
If we assume no reflected radiances from the bottom of atmosphere, the upward 
radiance at the top of atmosphere is 
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where *τ  is the total atmospheric optical depth. If *τ  is small, ),;0( φμI  becomes 
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Then, the bidirectional reflectance, R, is obtained by 
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The optical depth of thin cirrus clouds from MODIS 1.38 μm reflectance, rc,1.38, 
can be calculated using equation (3.11)   
);,(~
4
00
0
38.1, φμφμω
μμτ −= Prc .                                                       (3.12) 
The phase function in this study comes from Yang et al. [2001] with a mean 
maximum dimension of 20.6 μm and an effective size of 8.9 μm. The ice particle habit 
considered is a mixture of bullet rosettes, hollow columns, aggregates, and hexagonal 
plates which is consistent with MODIS Collection 4 cloud products (Platnick et al. 
[2003]). 
Dessler and Yang [2003] pointed out the limitations of this method. Because the 
reflectance from upper level cirrus is so small that the reflection from bright and dry 
regions, such as deserts where the reflected radiances is not fully absorbed by water 
vapor, might mix signals with true cirrus reflection. Thus, this calculation is confined to 
the cloud free pixels over the ocean where the surface reflectance is relatively constant 
and small. Dessler and Yang [2003] also analyzed the error sources coming from 
measured r1.38, conversion from r1.38 to rc,1.38, and conversion from rc,1.38 to optical depth 
and determined that the detection limit of optical depth by this method is 0.02. If the 
retrieved optical depth is larger than 0.02, it shows a thin cirrus cloud. 
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3.3.3 Radiative model simulation  
To investigate the radiative forcing of thin cirrus clouds, the shortwave and 
longwave fluxes at the top and bottom of atmosphere are calculated using Libradtran 
radiative transfer code [Mayer and Kylling, 2005] with the AIRS atmospheric profile 
data and corresponding thin cirrus optical depth. The background gaseous absorption 
properties are calculated according to the atmospheric profiles using a correlated k-
distribution method by Fu and Liou [1992]. The solar spectrum from 2.0 μm to 4.0 μm is 
divided into 9 bands and the infrared spectrum from 4.0 μm to 10000 μm is divided into 
12 bands. The transmittance in each band is calculated from the integration of spectral 
transmittance within the band. The LibRadtran code includes the effects of H2O, O2, O3, 
CO2, and NO2. The profiles of temperature, H2O, and O3 are obtained from AIRS 
monthly retrieval products. Since AIRS does not produce atmospheric profiles higher 
than 100 hPa for water vapor and 1 hPa for other profiles, standard tropical atmospheric 
profiles are used above maximum AIRS levels. Also, profiles of other gases such as O2, 
CO2, and NO2 are obtained from the standard tropical atmosphere. These profiles are 
interpolated into 100 layers in the model and a thin cirrus clouds layer is inserted as one 
layer. The single scattering properties of ice clouds are parameterized with respect to 
effective radius for each spectral band. Those simulated fluxes with corresponding 
atmospheric profiles and optical depth were analyzed to investigate the cirrus cloud’s 
radiative impact. 
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3.4 Results 
3.4.1 The temporal and spatial distribution of tropical thin cirrus clouds 
The temporal and spatial distributions of mean optical depth of thin cirrus 
clouds and their frequency of occurrence are analyzed for the period of June 2005 to 
May 2006 to help determine the locations of maximum and minimum occurrences of 
thin cirrus clouds and to examine the characteristics of their seasonal variations. 
To examine the frequency of occurrence of tropical thin cirrus clouds, the 
seasonal variations of clear-sky fraction of observations with optical depth larger than 
0.02 are plotted in Figure 3.2. The fraction is calculated on 1° × 1° latitude and longitude 
boxes. High fraction occurs in the northern hemisphere during spring and summer and in 
the southern hemisphere during autumn and winter.  In spring, the high fraction occurs 
over the western Pacific around Indonesia. The fraction is larger than 50 % over the 
most of the northern hemisphere oceans whereas the fraction is smaller than 30 % over 
the southern hemisphere oceans. Over the western Pacific, the high fraction exists 
around deep convection regions. Thus, these retrieved cirrus clouds can be the outflow 
from the convective anvil cirrus. The fraction of observations for summer show similar 
spatial distributions to those for spring. High fraction exists over the western Pacific, the 
Persian Gulf, and Central America and low fraction occurs over the southeastern Pacific 
and the southern Indian Ocean. The occurrences of high fraction are still around the 
western Pacific but move southward in autumn. The southern hemisphere oceans show 
high fraction while the northern hemisphere oceans show less than 30 % of occurrence. 
Other high fraction regions are off the west coast of South America and off the west  
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Figure 3.2 Fraction of “clear-sky” observations for 1°×1° boxes that have detectible thin 
cirrus (optical depth exceeds 0.02) for each season (spring, summer , autumn, and winter 
from top to bottom panel). 
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coast of Africa. The high fraction occurs over the western Pacific during winter the same 
as in autumn and low fraction widely exists over northern hemisphere oceans. 
Figure 3.3 shows the histograms of optical depth for each season. Fraction is 
calculated at every 0.005 of optical depth for each season. Every distribution shows a 
similar pattern where the fraction increases sharply until optical depth is 0.01, decreases 
rapidly until 0.04, and decrease gradually at large optical depths.  Using τ=0.02 as a 
detection limit as explained in section 3.3.2, 44%, 39%, 47%, and 44% of the 
observations flagged as cloud-free have detectible thin cirrus clouds during spring, 
summer, autumn, and winter, respectively.  
Figure 3.4 shows the spatial distributions of optical depth of tropical thin cirrus 
clouds for the pixels flagged as clear-sky with an optical depth larger than 0.02 for each 
season. The optical depth is averaged over 1° × 1° boxes, the same as in fraction of 
observations. The pattern of optical depth is very similar to that of fraction of 
observations. Large optical depth occurs over the western and northern Pacific and small 
optical depth exists over the southern hemisphere oceans during spring. In summer, large 
optical depth appears widely over the western Pacific, the northern Indian Ocean, and 
Central America while southern hemisphere ocean areas have small optical depths. The 
locations of large optical depth still exist over the western Pacific but migrate southward 
during autumn. Large optical depth also appears off the west coast of South America. 
The pattern of spatial distributions of optical depth for winter is similar to those for 
autumn. Large optical depth exists over the western Pacific and off the west coast of 
Africa. 
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Figure 3.3 Histograms of optical depth for each season. 
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Figure 3.4 Optical depth of tropical thin cirrus for the pixels flagged as “clear-sky” by 
MODIS for each season (spring, summer, autumn, and winter from top to bottom panel).  
 
 
  
31
Figure 3.5 shows the relationship between optical depth and fraction for each 
season. It is clearly seen that there is a positive relation between optical depth and  
fraction with a larger variance at higher optical depths and fractions. The optical depth 
becomes larger where thin cirrus clouds occur more frequently. 
The zonal averaged fraction of observation and optical depth are plotted in 
Figure 3.6. The fraction of observation and optical depth is averaged over every 1° 
latitude from 30°S to 30°N. It is more clearly seen that the latitudinal variations of 
fraction of observations and optical depths with the season. The high fraction and large 
optical depth exist in northern hemisphere high latitudes and decrease toward the south 
during spring and summer. On the other hand, the high fraction and large optical depth 
appear in southern hemisphere high latitudes and decrease toward the north during 
autumn and winter. 
 
3.4.2 Parameterization of ice cloud optical and microphysical properties 
The radiative effect of ice clouds has a strong influence on weather and climate 
due to the frequent occurrence of ice clouds in the atmosphere. The rdiative properties of 
ice clouds are determined by their microphysical and optical properties. Thus, it is 
necessary to parameterize the optical and microphysical properties of ice clouds for the 
study of their effect on weather and climate. The microphysical properties of ice clouds 
include particle shape, particle size distribution, ice water content, and effective size. 
The optical properties of ice clouds include single scattering properties, asymmetry 
parameter, extinction efficiency, absorption efficiency, and phase function.  
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Figure 3.5 Relationship of optical depth and fraction of observations for (a) spring, (b) 
summer, (c) autumn, (d) winter. 
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Figure 3.6 Zonally averaged (a) fraction of observations and (b) optical depth for each 
season. 
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Fu and Liou [1993] parameterized the optical properties of ice crystals as a 
function of the mean effective size in 6 solar bands and 12 infrared bands for 11 size 
distributions. The single scattering properties were calculated from a geometric ray-
tracing technique for small hexagonal ice crystals and a Mie calculation for large 
spheroids. Fu [1996] also parameterized the single scattering properties of hexagonal ice 
crystals in terms of generalized effective size in 25 solar bands for 28 ice crystal 
distributions using improved light scattering calculations. Another effort to parameterize 
single scattering properties of ice crystal was done by Yang et al. [2000]. They 
parameterized the single scattering properties in 56 solar bands for six ice crystal shapes 
including hexagonal plates, solid and hollow columns, planar and spatial bullet rosettes, 
and aggregates. Key et al. [2002] parameterized the single scattering properties in the 
form of third-degree polynomials as a function of effective radius in 56 solar bands for 
seven particle habits by adding dendrites to the six particle shape of Yang et al. [2000]. 
The parameterization in this study is basically the expansion of the parameterization by 
Key et al. [2002] for 26 bands in solar spectrum region (0.2 μm ~ 0.5 μm) and 39 bands 
in infrared spectrum region (5.0 μm ~ 100 μm). Particle habits considered in the 
parameterization are droxtal, solid columns, hollow columns, hexagonal plates, bullet 
rosettes, aggregates and habit mixture. This study uses Fu’s [1996] 30 size distributions, 
which were acquired from various field experiments such as the First International 
Satellite Cloud Climatology Project Regional Experiment (FIRE I and FIRE II) and the 
Central Equatorial Pacific Experiment (CEPEX). In these size distributions, each size 
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distribution is divided into 38 size bins according to maximum dimensions from 2 μm to 
3100 μm.  
 
3.4.2.1 Bulk single scattering properties 
The single scattering properties of each particle shape are integrated over size 
distributions at each size bin and at each wavelength band. This process produces the 
bulk (mean) single scattering properties of ice particles for each size distribution. Each 
size distribution has corresponding values of effective size, ice water content, volume 
extinction coefficient, single scattering albedo, asymmetry parameter, and phase 
function at each wavelength band. Then, a nonlinear regression procedure is applied for 
the optical properties as a function of effective radius, Re. 
Following the method of Yang et al. [2001], effective size, De, is determined as  
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where V is volume of the particle, A is projected area of the particle, L is maximum 
dimension, and n(L) is the number of particles with a maximum dimension L. The 
parameterization is performed as a function of effective radius, Re which is a half of 
effective size and defined as  
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The extinction coefficient, βe and the ice water content of the size distribution, 
IWC is defined as  
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respectively where Qe is the extinction efficiency and ρice is the density of ice. 
The single scattering albedo, ω and asymmetry parameter, g are weighted over 
extinction and scattering, respectively. 
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For the habit mixture, the composition of ice particle follows that of Baum et al. 
[2005a] such as De  <  60 μm, 100 % droxtals; 60 < De < 1000 μm, 15 % bullet rosettes, 
50 % solid columns, and 35 % plates; 1000 < De < 2000 μm, 45 % hollow columns, 
45 % solid columns, and 10 % aggregates; De > 2000 μm, 97 % bullet rosettes and 3 % 
aggregates. The bulk scattering properties of habit mixture are then obtained by 
multiplying the habit fraction corresponding to the effective size ranges in the 
integration [Baum et al, 2005b]. For example, the effective size of habit mixture is 
expressed as   
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where fi(L) is the fraction of ice particle habit in the particle size bin. This can be applied 
to the calculation of other bulk single scattering properties as well. 
 
3.4.2.2 Parameterization of optical properties 
The optical properties of ice clouds are parameterized nonlinearly with respect to 
effective radius, Re at each wavelength and for each particle shape following Key et al. 
[2002]. 
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Figure 3.7 shows the optical properties of habit mixture ice clouds with a 
function of effective radius at wavelengths of 1.40, 5.00, and 20.0 μm. The value of 
Extinction/IWC decreases with increasing effective radius and shows almost no 
dependence on wavelength (Figure 3.7(a)). Single scattering albedo decreases very 
rapidly with increasing effective radius in infrared region (5 and 20 μm) but is almost 1 
at visible wavelength (1.4 μm) (Figure 3.7(b)) while asymmetry parameter increases 
with effective radius (Figure 3.7(c)). Figure 3.8 is an example of parameterization of  
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Figure 3.7 Variations of (a) the ratio of extinction coefficient to ice water content, (b) 
single scattering albedo, and (c) asymmetry factor as a function of effective radius. 
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Figure 3.8 An example of parameterization of (a) the ratio of extinction coefficient to ice 
water content, (b) single scattering albedo, and (c) asymmetry factor as a function of 
effective radius. 
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optical properties at 1.40 μm. The parameterization accurately represents the single 
scattering properties with the effective radius. 
The mean (bulk) phase function can be calculated in the same way as an 
asymmetry factor at each scattering angle, at each wavenumber, and for each ice particle 
habit. It is appropriate to use the exact phase function for the retrieval of ice clouds’ 
microphysical and optical properties which need the information for scattering angles.  
However, it takes time and becomes complicated when using an exact phase 
function in the flux calculation. Thus, an approximation of phase function is used to 
meet the balance between calculation time and accuracy. One of the most common 
approximations of scattering phase function is the Henyey-Greenstein function [Henyey 
and Greenstein, 1941], PHG, defined as  
2/32
2
)cos21(
1);( θθ gg
ggPHG −+
−=                                                      (3.23) 
where g is an asymmetry parameter and θ is a scattering angle. Henyey-Greenstein 
function is a good approximation of scattering phase function for the forward scattering 
but it is not good for a backward scattering. Double Henyey-Greenstein function, PDHG is 
proposed to improve the representation of backward scattering such as  
);()1();( 21 gPfgfPP HGHGDHG θθ −+=                                                  (3.24) 
where g1 is the same value of g in Henyey-Greenstein function, f represents a fraction of 
the forward scattering, and g2 represents the backward scattering. f and g2 is determined 
by making the squared differences between real phase function and double Henyey-
Greenstein function minimize as following 
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The minimum can be obtained by varying f from 0 to 1 and g2 from -1 to 0.  
Figure 3.9 shows the phase function of 5 different effective sizes at 1.40 μm. The 
phase function does not increase or decrease consistently with the effective size and has 
quite different features with respect to the effective size. In Figure 3.10, the double 
Henyey-Greenstein function is plotted with various values of f fixing g=0.80 and g2=-
0.50 at 1.40 μm. The backward scattering decreases with increasing f as f represents the 
fraction of forward scattering. Figure 3.11 is same as Figure 3.10 except for various 
values of g2 fixing g=0.80 and f=0.95. The backward scattering increases with the 
increase of absolute value of g2 which represents the backward scattering. Figure 3.12 
shows the comparisons between real phase function, Henyey-Greenstein function, and 
double Henyey-Greenstein function with the effective size of 61.7 μm, f=0.90, g1=0.84, 
and g2=-0.33 at the wavelength of 1.40 μm. The approximated phase functions do not 
capture the detailed characteristics of real phase function but they fit real phase function 
relatively well. The double Henyey-Greenstein function depicts better the backward 
scattering. 
 
3.4.3 The radiative forcing of thin cirrus clouds 
Cloud radiative forcing effect is investigated in many ways using satellite data or 
surface measurement within the atmosphere, at the top of atmosphere, and at the bottom 
of atmosphere [e.g., Ramanathan et al., 1989; Rossow and Zhang, 1995; Sohn, 1999;  
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Figure 3.9 Variations of phase function with a different effective size. 
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Figure 3.10 Variations of phase function with a different forward scattering factor, f. 
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Figure 3.11 Variations of phase function with a different backward scattering factor, g2. 
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Figure 3.12 Comparisons among real phase function, Henyey-Greenstein function, and 
double Henyey-Greenstein function. 
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Choi and Ho, 2006; Mace et al, 2006]. Clouds have warming effect on the surface or 
atmosphere by longwave emission and cooling effect by reflecting the incident 
shortwave radiation. The net cloud radiative forcing is determined by the sum of 
longwave warming effect and shortwave cooling effect. The cloud radiative forcing 
(CRF) is defined as the net flux difference between cloudy conditions and clear-sky 
conditions. Thus, the shortwave (CRFSW) and longwave (CRFLW), and net cloud radiative 
forcing (CRFNET) can be expressed as    
clrSWSWcldSWSWSW FFFFCRF )()(
↑↓↑↓ −−−=                                    (3.26) 
 clrLWLWcldLWLWLW FFFFCRF )()(
↑↓↑↓ −−−=                                    (3.27) 
LWSWNET CRFCRFCRF += ,                                                                (3.28) 
respectively. F↓ and F↑ represent downward flux and upward flux, respectively.  
This study evaluates the cloud radiative forcing at the top and bottom of 
atmosphere using retrieved optical depth, atmospheric profile from AIRS, and the 
parameterized single scattering properties of ice clouds. LibRadtran is the radiative 
transfer model used in this simulation. The cloud layer is assumed to exist between 10 
and 12 km. The solar zenith angle from each granule is averaged over 1° × 1° latitude 
and longitude boxes for every month or for every season. 
Figure 3.13 shows the atmospheric longwave heating rate for each shape. A 
tropical atmospheric profile is used for the simulation and cloud is located between 10 
and 12 km. Ice water content of 0.0048 gm-3 and effective size of 41.5 μm is used. Cloud 
induced heating occurs at the lower part of clouds because the longwave emission from  
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Figure 3.13 Variations of atmospheric heating rate with height for different ice particle 
habit. 
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the clouds increases downward flux. In the upper part of clouds, upward longwave flux 
decreases due to the absorption of longwave flux from the surface by clouds resulting in 
cloud induced cooling. The difference in heating rate for various ice particle shapes is 
not large but the heating rate is larger for smaller effective size of ice particle due to a 
greater surface area per volume leading to the stronger absorption. 
Figure 3.14 shows the atmospheric heating rate with respect to ice water content 
for mixed habit. The heating or cooling rate increases with the larger ice water content 
because the absorption increases with increasing effective size. 
Figure 3.15 shows the cloud radiative forcing at the top and bottom of 
atmosphere with respect to ice water content by the model simulation.  At the top of 
atmosphere there is a positive longwave forcing and a negative shortwave forcing. The 
decreased upward longwave flux by the absorption of clouds at the top of atmosphere 
leads to the positive longwave cloud forcing. On the contrary, the increased upward 
shortwave flux by the reflection from the clouds results in the negative shortwave cloud 
forcing. The net forcing is small warming because the positive longwave forcing is 
larger than the negative shorwave forcing in magnitude. Net warming increases up to ice 
water content 0.006 gm-3 and decreases after that. At the bottom of atmosphere, the 
longwave radiative effect has a very small positive effect while the shortwave effect 
shows large negative forcing leading to a net negative forcing. The longwave warming 
by upper layer thin cirrus clouds has little effect on the surface. 
Figure 3.16 (a) shows the 1° × 1° spatial distribution of cloud radiative forcing at 
the top of atmosphere calculated using retrieved optical depth, AIRS profile, and  
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Figure 3.14 Variations of atmospheric heating rate with height for different ice water 
content. 
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                                                                      (a) 
Figure 3.15 Cloud radiative forcing with ice water content. (a) At the top of atmosphere. 
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                                                                      (b) 
Figure 3.15 Continued (b) At the bottom of atmosphere. 
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                                                                    (a)                                    
 
Figure 3.16 Spatial distribution of cloud radiative forcing (shortwave, longwave, and net 
forcing from top to bottom panel). (a) At the top of atmosphere for June 2005. 
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                                                                    (b) 
Figure 3.16 Continued (b) At the bottom of atmosphere for June 2005. 
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averaged solar zenith angle for June 2006. The large cloud radiative forcing appears 
around the western Pacific where the optical depth is large. It shows a negative cloud 
radiative forcing for shortwave, positive forcing for longwave and net positive cloud 
radiative forcing. The spatial distribution of cloud radiative forcing at the bottom of 
atmosphere for June is plotted in Figure 3.16 (b). Thin cirrus clouds produce large 
negative shortwave forcing in the Indian Ocean and the western Pacific Ocean but very 
small positive longwave forcing at the bottom of atmosphere. Thus, the net cloud forcing 
shows a negative effect. 
Figure 3.17 (a) is the same as Figure 3.16 (a) except for December 2006. In 
December, the region where large forcing occurs moves southward and locates around 
Indonesia and north Australia. The net cloud forcing shows a positive effect due to larger 
positive longwave forcing than shortwave negative forcing. The cloud radiative forcing 
at the bottom of atmosphere for December is shown in Figure 3.17(b). The region of 
large cloud forcing is located around Indonesia and the southern Pacific and is the same 
as at the top of atmosphere. The net cloud forcing shows a negative effect due to a large 
negative shortwave forcing. 
Figure 3.18 shows the relationship between optical depth and cloud radiative 
forcing obtained from 1° × 1° calculations at the top and bottom of atmosphere. At the 
top of atmosphere, both shortwave negative forcing and longwave positive forcing 
becomes larger with the increasing optical depth in magnitude. The net cloud radiative 
forcing is positive because of the larger positive longwave forcing. The difference in 
surface temperature and atmospheric profile causes the variance. At the bottom of  
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                                                                    (a) 
 
Figure 3.17 Spatial distribution of cloud radiative forcing (shortwave, longwave, and net 
forcing from top to bottom panel). (a) At the top of atmosphere for December 2005. 
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                                                                    (b) 
Figure 3.17 Continued (b) At the bottom of atmosphere for December 2005. 
 
 
 
  
57
 
 
 
                                                                         (a) 
 
Figure 3.18 Relationship between optical depth and cloud radiative forcing (shortwave, 
longwave, and net cloud radiative forcing from top to bottom panel). (a) At the top of 
atmosphere.  
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                                                                         (b) 
Figure 3.18 Continued (b) At the bottom of atmosphere. 
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atmosphere, there is a negative forcing for shortwave, positive for longwave and 
negative for net. Shortwave negative effect dominates at the bottom of atmosphere.  
Figure 3.19 shows the relationship between optical depth and radiative forcing 
with respect to the solar zenith angle at the top and bottom of atmosphere. For shortwave, 
the negative forcing increases in magnitude with the increasing solar zenith angle if the 
optical depth is the same. For longwave, the forcing does not depend on the solar zenith 
angle by nature. As a result, the net positive forcing decreases with an increasing solar 
zenith angle at the top of atmosphere and the net negative forcing increases at the bottom 
of atmosphere.  
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                                                                       (a)  
 
Figure 3.19 Cloud radiative forcing as a function of optical depth and solar zenith angle 
(shortwave, longwave, and net cloud radiative forcing from top to bottom panel). (a) At 
the top of atmosphere. 
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                                                                       (b) 
Figure 3.19 Continued (b) At the bottom of atmosphere. 
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CHAPTER IV 
COMPARISON OF CERES CLEAR-SKY OLR AND MODEL-CALCULATED 
OLR FROM AIRS ATMOSPHERIC PROFILES OVER THE TROPICS AND 
DEPENDENCE OF OLR AND GREEENHOUSE EFFECT ON SURFACE 
TEMPERATURE AND WATER VAPOR 
 
4.1 Background 
The outgoing longwave radiation (OLR) is one of important components in the 
Earth’s radiation budget. It has been measured and watched systemically for decades by 
Earth Radiation Budget (ERB) missions. These satellite measurements provide useful 
climatological radiation data which help to monitor and understand the physics and 
variability of Earth’s radiation budget.  
There have been many studies on the clear-sky OLR using satellite and 
atmospheric profile data. One approach is to investigate the difference between satellite 
measurement and simulated clear-sky OLR and to explain the cause of the difference. If 
a systematic large error exists between them, it would lead to misunderstanding Earth’s 
radiation budget, climate physics, and the radiative effect of clouds. But those studies 
which compare measured OLR with a simulated one produced somewhat different 
results. Inamdar and Ramanathan [1994] showed that no significant difference (0.5 Wm-
2) exists between ERBE clear-sky OLR and calculated OLR using ship radiosonde data 
as an input for the radiative transfer model while their RMS of 9 Wm-2 is relatively large. 
Wong et al. [2000] compared CERES ERBE-like clear-sky OLR with a model as a 
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postlaunch validation of TRMM CERES using NOAA sea surface temperature and 
NCEP three-dimensional atmospheric dataset. The model is a good simulation of the 
spatial features of clear-sky OLR with a -4 Wm-2 difference. Whereas Ho et al. [1998] 
showed a positive model bias of 1.9 – 2.3 Wm-2 when compared with ERBE averaged 
over time (1985 - 1989) and space (60°S - 60°N). One reason for opposite signs in 
difference between measurement and simulation is that each study uses a different 
radiative transfer model and the treatment of absorption gases (H2O, CO2, O3, CH4, and 
CFCs, etc.) is different in each model [Ho et al., 1998]. Also, each different data set of 
atmospheric profiles used in the model simulation might contribute to the various results 
causing one study to differ from another. 
Another approach is to examine the physical relationship between OLR, surface 
temperature, and water vapor including the greenhouse effect. Inamdar and Ramanathan 
[1994] studied the interactions between deep convection, vertical distributions of water 
vapor, and the greenhouse effect over tropical oceans. They showed that the greenhouse 
effect is stronger in convective regions due to the absorption of longwave radiation by 
excessive water vapor and a super greenhouse effect is caused by the rapid increase of 
lower level water vapor with increasing sea surface temperature (SST). Raval et al. 
[1994] compared four years of ERBE data and model simulation using atmospheric 
profile data obtained from rawindsonde and ship data to examine the dependence of 
OLR on surface temperature and water vapor. It is shown that OLR is mainly dependent 
on surface temperature (Ts) in low temperature (Ts < 10 °C) and on both surface 
temperature and relative humidity in tropical (Ts > 25 °C). Allan et al. [1998] showed 
  
64
similar results when they compared long-term clear-sky ERBE OLR with a simulation 
using global ECMWF reanalyses data. It is noted that surface temperature is a more 
dominant factor on OLR in high latitudes and relative humidity has a larger effect on 
OLR in low latitudes. Also, it is shown that clear-sky OLR variation is most dependent 
on mid-troposphere (400 to 700 hPa) humidity changes.  
This study simulates the clear-sky outgoing longwave radiation and compares it 
with CERES measurement to investigate the differences between them. One of the most 
unique features of this study is to use atmospheric profiles from AIRS which is onboard 
the same satellite, Aqua, with CERES. Thus, the OLR and atmospheric profiles are 
observed at nearly the same time and space. Also, this study will examine the effect of 
water vapor and temperature on clear-sky OLR including the super greenhouse effect 
which decouples surface temperature and OLR by reducing OLR with increasing surface 
temperatures at high sea surface temperatures. CERES OLR and atmospheric profile 
data from Aqua used in this study will be reviewed in section 4.2 and Chou’s radiative 
transfer model will be explained in section 4.3. In section 4.4, the difference between 
CERES OLR and simulated OLR will be examined. The effect of surface temperature 
and water vapor on OLR and the super greenhouse effect are also presented in section 4. 
 
4.2 Data 
CERES provides the global cloud, aerosol and radiation data for EOS to examine 
the role of cloud/radiation feedback in the Earth’s climate system [Loeb et al., 2005]. It 
is a broadband scanning radiometer in three channels: a shortwave channel (0.3-5.0μm) 
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to measure reflected solar radiation, an infrared window channel (8-12μm) to measure 
Earth’s thermal emission and a total channel (0.3-200μm). The broadband longwave 
radiation is calculated as the total minus shortwave. CERES provides surface, 
atmosphere and top-of-atmosphere (TOA) radiative flux estimates globally at a 20-km 
spatial resolution at nadir [Wielicki et al., 1996]. CERES onboard Aqua has two 
scanning modes, one scanning in a fixed azimuth plane for time-space averaging and the 
other scanning in a rotating azimuth plane for improved angular sampling [Loeb et al., 
2005]. 
The OLR data analyzed in this study are obtained from CERES single scanner 
footprint (SSF) TOA fluxes. CERES data is compared with MODIS cloud products and 
those data which are defined as confident clear are only selected. Then, the AIRS 
profiles which are closest within 20 km of center of CERES pixels are selected for each 
CERES fluxes. Only nighttime data around 1:30 am local time are used for March and 
September 2005. 
 
4.3 Model 
Chou’s radiative transfer model [2001] is used for the calculation of clear-sky 
outgoing longwave radiation. In this model, the infra spectrum is divided into 9 bands 
and one subband from 0 to 3000 cm-1. The parameterization includes the absorption due 
to major gases (water vapor, CO2, and O3) and most of the minor trace gases (N2O, 
CH4, and CFC’s) as well as clouds and aerosols. The gaseous transmission function is 
computed using either the k-distribution method or the table look-up method. The 
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accuracy of the model is within 1% of the high spectral-resolution line-by-line 
calculation. In this calculation, band 9 (1900~3000 cm-1) is excluded to match the 
CERES TOA flux band (50~2000 cm-1). The AIRS atmospheric profile, which is 
collocated with CERES measurement, includes temperature profile, water vapor profile, 
ozone profile, and surface temperature. 27-layer temperature profile, 10-layer water 
vapor profile, and 9-layer ozone profile are interpolated into a 100-layer atmospheric 
profile. The standard tropical atmosphere profiles are used above the maximum level of 
AIRS measurement. The advantage of using both CERES and AIRS data is that both 
system are onboard the same satellite, Aqua, and provide the same time and same area 
coverage measurement throughout the operations.  
 
4.4 Results 
4.4.1 The comparison of OLR between CERES and model simulation 
The comparison between calculated OLR and CERES OLR for September 2005 
is shown in Figure 4.1. The total number of points considered is 137,425. The mean 
value of CERES OLR is 290.0 Wm-2 and that of the calculated OLR is 294.2 Wm-2. The 
calculated OLR is larger than CERES OLR at almost all points. The mean difference is 
4.2 Wm-2 and the standard deviation in difference is 2.1 Wm-2. Although there are 
discrepancies between CERES and simulated OLR it shows consistently a good 
relationship between them with small constant variations. The solid line is the line of 
slope 1 and the broken line is a linearly fitted line. The differences increase with 
increasing OLR - the two values match well in the humid region and the differences are  
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Figure 4.1 The comparison between CERES OLR and calculated OLR for September 
2005. 
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larger in the less moist region. Observed correlations between OLR, surface temperature 
and water vapor are presented in detail in the following analyses. 
To examine the spatial features of OLR and difference, a spatial distribution of 
CERES OLR, calculated OLR, and the difference between them were plotted over 
tropical oceans within latitudes 30°N and 30°S for September 2005 in Figure 4.2. The 
maximum OLR existed over the southeastern Pacific and the minimum over western 
Pacific Ocean. The model calculated accurately the spatial distribution of CERES OLR. 
The calculated OLR minimum appears over the western Pacific and the maximum over 
the southeastern Pacific as CERES OLR does. Differences are small in the northern 
hemisphere where OLR is low, whereas differences are large in southern Indian Ocean, 
southwestern Pacific, and southeast Pacific where OLR is high. 
Figure 4.3 is the same as Figure 4.2 except for March 2005. Except for the fact 
that the maximum or minimum migrates southward in response to the migration of ITCZ 
and the sun, the general features are similar to those of September 2005. OLR minimum 
exists in the southwestern Pacific around Indonesia and the maximum exists along the 
zonal band between 10°N and 20°N and the southeastern Pacific. Calculated OLR 
produces spatial distributions similar to those of CERES OLR with larger values. Again, 
the difference between CERES and the calculated OLR is largest in the Northern 
hemisphere where OLR is large.  
Figure 4.4 shows the zonal average of CERES OLR, model OLR and the 
difference between them. Each OLR and difference is averaged in every 1° latitude from 
30°S to 30°N. It can be seen again that the simulation of OLR describes accurately the  
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Figure 4.2 The spatial distribution of (a) CERES OLR, (b) calculated OLR, and (c) the 
difference between them for September 2005. All units are Wm-2. 
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Figure 4.3 The spatial distribution of (a) CERES OLR, (b) calculated OLR, and (c) the 
difference between them for March 2005. All units are Wm-2. 
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Figure 4.4 The latitudinal variation of CERES OLR, calculated OLR, and difference 
between them for (a) September 2005 and (b) March 2005. 
 
  
72
variations of OLR with latitude. In September 2005, OLR peaks at 10°S, decreases up to 
5°N, and shows relatively constant values between 5°N and 30°N. The variations of 
OLR difference with latitude between CERES and calculation resembles remarkably that 
of OLR. The variations are almost the same from 30°N to 10°S but difference continues 
to increase up to 20°S. In March 2005, OLR is relatively constant from 30°S to 5°N, 
then increases up to 15°N, and decreases at higher latitudes. The latitudinal variations of 
difference are similar to those of OLR from 30°S to 15°N but increase continuously and 
peak at 25°N. 
Figure 4.5 shows the variations of OLR differences between CERES and model 
calculation with surface temperature and water vapor. The OLR difference is averaged 
over every 0.5 K of surface temperature and 1 g/kg of water vapor. OLR difference has a 
constant value of 6.5 Wm-2 up to the surface temperature of 297 K and decreases with 
increasing temperature between 297 K and 303 K of surface temperature. The difference 
increases with increasing surface temperature where surface temperature is larger than 
303 K. The OLR difference shows a minimum at 303 K of surface temperature. It will 
be shown in Figure 4.9 that water vapor reaches maximum and OLR has local minimum 
at 303 K. OLR difference decreases constantly with increasing water vapor. 
 
4.4.2 The relationship between OLR, surface temperature, and water vapor 
Figure 4.6 shows the spatial distributions of CERES OLR, sea surface 
temperature (SST), and the column integrated water vapor for September 2005. SST  
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Figure 4.5 The OLR difference between calculated OLR and CERES OLR with a 
function of (a) surface temperature and (b) column integrated water vapor mixing ratio. 
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Figure 4.6 The spatial distribution of (a) CERES OLR (Wm-2), (b) surface temperature 
(K), and (c) column integrated water vapor mixing ratio (g/kg) for September 2005. 
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maximum locates over the western Pacific warm pool and the Gulf of Mexico and SST 
decreases toward high latitudes. Water vapor distributions show patterns similar to that 
of SST distributions. Water vapor maximum locates over the western Pacific and Central 
America and water vapor decreases toward high latitudes. OLR increases with 
increasing SST and water vapor at high latitudes while decreases with increasing SST 
and water vapor at low latitudes. These features will be discussed in detail in a later 
section. 
Figure 4.7 has the same spatial distribution as Figure 4.6 except for March 2005. 
The high SST is centered at the southwestern Pacific and the southern Indian Ocean and 
SST decreases gradually from this center toward high latitudes. Column integrated water 
vapor shows a spatial distribution similar to that of SST. The high water vapor locates at 
the southwestern Pacific around Indonesia, the southern Indian Ocean, and the Atlantic 
Ocean between South America and Africa and decreases gradually toward high latitudes. 
Again, at high latitudes, the OLR increases with increasing SST and water vapor while 
at low latitudes, the OLR decreases with increasing SST and water vapor. 
Figure 4.8 shows the variation of CERES OLR and model OLR with surface 
temperature and total column water vapor for September 2005. OLR is averaged over 
every 1 K of surface temperature and 1 g/kg of water vapor. OLR increases with 
increasing surface temperature up to 299 K, decreases with increasing surface 
temperature between 299 K and 303 K, and increases again where the surface 
temperature is larger than 303 K. OLR increases with increasing water vapor up to 30 
g/kg and decreases continuously with increasing water vapor. If surface temperature is  
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Figure 4.7 The spatial distribution of (a) CERES OLR (Wm-2), (b) surface temperature 
(K), and (c) column integrated water vapor mixing ratio (g/kg) for March 2005. 
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Figure 4.8 The variation of OLR with a function of (a) surface temperature and (b) 
column integrated water vapor mixing ratio for September 2005. 
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lower than 300 K, the dominant factor contributing to OLR is the surface temperature. 
The decrease of OLR with increasing surface temperature between 300 K and 303 K is 
due to the strong absorption of surface emitted longwave radiation by increased water 
vapor. In other words, the increase of longwave radiation absorption by water vapor 
exceeds the increase of longwave radiation emission from the surface with increasing 
surface temperature. This is referred to as the super greenhouse effect by Ramanathan 
and Collins [1991]. 
To examine the relationship between OLR, surface temperature, and water vapor, 
the variations of column integrated water vapor and OLR with surface temperature are 
plotted together for (a) September 2005 and (b) for March 2005 in Figure 4.9. Both OLR 
and water vapor increase with increasing surface temperature up to 299 K (301K) for 
September (March) 2005. But OLR decreases if the surface temperature is larger than 
299 K while water vapor increases continuously up to 303 K of surface temperature. If 
surface temperature is larger than 303 K, OLR increases again while water vapor 
decreases. It is shown again that surface temperature is the dominant factor in OLR at 
low surface temperatures while water vapor dominates at high surface temperatures. 
 
4.4.3 The effect of surface temperature, lapse rate, and water vapor on OLR and 
the greenhouse effect 
Figure 4.10 shows the number distribution of points with surface temperature. 
The distribution peaks at high surface temperatures and more than 50% of data have 
surface temperatures larger than the convective threshold of 298 K. 
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Figure 4.9 The variation of column integrated water vapor mixing ratio and CERES 
OLR with a function of surface temperature for (a) September 2005 and (b) March 2005. 
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Figure 4.10 The number of observations with a surface temperature. 
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The variations of atmospheric temperature with surface temperatures at 850, 600, 
400, and 200 hPa are shown in Figure 4.11. The atmospheric temperature increases with 
increasing surface temperatures up to 298 K in the low to mid troposphere (850 hPa ∼ 
400 hPa). In the lower troposphere (850hPa), the atmospheric temperature increases 
continuously with the increasing surface temperature where surface temperature is larger 
than 298K. However, the atmospheric temperature does not change with increasing 
surface temperature in the middle troposphere (600 hPa and 400 hPa) if the surface 
temperature is larger than 298 K. The upper troposphere (200 hPa) atmospheric 
temperature does not vary at all with the increasing surface temperature. This means that 
the temperature increase in the atmosphere corresponding to the increase of surface 
temperature is confined to the lower troposphere and does not disturb the upper 
troposphere. This feature is the same as that of Inamdar and Ramanathan [1994]. 
The variation of water vapor with surface temperature is shown in Figure 4.12. 
The water vapor increases gradually with increasing surface temperatures up to 298 K, 
increases sharply up to 303 K, and decreases beyond 303 K of surface temperature 
throughout the troposphere, which produces a water vapor maximum at around 303 K of 
surface temperature.  
To examine the interaction between flux, the greenhouse effect, atmospheric 
cooling, and surface temperature, each variable is plotted in Figure 4.13 with a function 
of temperature. All the results in this figure are obtained from the model simulation. 
First, in Figure 4.13(a), the upward flux at the surface ( ↑sF ) increases with the increasing  
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Figure 4.11 The variation of atmospheric temperature at (a) 200 hPa, (b) 400 hPa, (c) 
600 hPa, and (d) 850 hPa with a function of surface temperature for September 2005. 
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Figure 4.12 The variation of column integrated water vapor mixing ratio at (a) 200 hPa, 
(b) 400 hPa, (c) 600 hPa, and (d) 850 hPa with a function of surface temperature for 
September 2005. 
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Figure 4.13 The variations of (a) upward flux at the surface, downward flux at the 
surface, and net flux at the surface, (b) upward flux at the surface, OLR, and greenhouse 
effect, and (c) flux into the atmosphere, flux out of atmosphere, and atmospheric cooling 
with a function of surface temperature for September 2005. All units are Wm-2. 
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surface temperature due to the increased longwave emission from the surface. The 
downward flux at the surface ( ↓sF ) also increases with increasing surface temperature 
due to increased water vapor by absorbing longwave radiation from the surface and 
emitting back to the surface. The net flux at the surface, defined as ↓↑ −= ssnets FFF , 
decreases with increasing surface temperature because the increase of the downward flux 
is larger than that of the upward flux. In Figure 4.13(b), the clear-sky greenhouse effect, 
defined as OLRFG sa −= ↑ , increases with increasing surface temperature because the 
increase of the upward flux at the surface exceeds that of OLR. In Figure 4.13(c), the 
atmospheric cooling, defined as )( OLRFFFFC ssoutin +−=−= ↓↑ , decreases with 
increasing surface temperature. It reaches a minimum of 230 Wm-2 at the surface 
temperature of 302 K. 
The atmospheric temperature profile and water vapor profile at three different 
surface temperatures of 294 K, 300 K, and 303 K are compared in Figure 4.14 for 
September 2005. All the profiles between surface temperatures of 293 K and 294 K are 
averaged for 294 K, between 299 K and 300 K for 300 K, and between 302 K and 303 K 
for 303 K. 294 K, 300 K, and 303 K of surface temperature can represent non-
convective, transition, and convective regions, respectively. There is almost no 
difference in the temperature profile between 300 K and 303 K except in the lowest few 
kilometers. This confirms the fact that the upper atmospheric temperature is not affected 
by surface temperature if the surface temperature is larger than 298 K as in Figure 4.11. 
Those profiles have lower tropopause temperatures than the temperature profile of 294 K.  
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Figure 4.14 Comparison of atmospheric (a) temperature profiles and (b) water vapor 
profiles at the surface temperature of 294 K, 300 K, and 303 K for September 2005. 
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The atmospheric temperature of 294 K is lower than that of 300 K or 303 K throughout 
the troposphere except near the tropopause. Atmospheric temperatures of 300 K and 303 
K become larger again than that of 294 K in the stratosphere. The water vapor profiles at 
three different temperatures show clear differences between them in Figure 4.14(b). 
Water vapor profile at 294K has the smallest amount of water vapor and water vapor 
profile at 303K is largest throughout the troposphere. The difference between 300 K and 
303 K is smaller than the difference between 300 K and 294 K in the lower troposphere 
but larger in the upper troposphere. 
To investigate the relative effect of surface temperature, lapse rate, and water 
vapor on OLR, each variable is exchanged between 294 K, 300 K, and 303 K and OLR 
is recalculated using the exchanged quantities. Table 4.1 shows the results at 294 K of 
surface temperature when exchanged with properties of 300 K or 303 K. The exchanged 
properties are surface temperature, lower tropospheric temperature, upper tropospheric 
temperature, total atmospheric temperature, both surface and total tropospheric 
temperature, lower tropospheric water vapor, upper tropospheric water vapor, and total 
atmospheric water vapor. The troposphere is divided into two regions: the lower 
troposphere from the  surface to 500 hPa and the upper troposphere from 500 hPa to 100 
hPa. The OLR at 294 K, 300 K, and 303 K from its own atmospheric profile is 285.3 
Wm-2, 297.7 Wm-2, and 289.3 Wm-2, respectively. ΔOLR is the difference between OLR 
from the exchanged property and OLR from the original atmospheric profiles. 
Percentage change is calculated by 
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Table 4.1 The change in OLR at 294 K of surface temperature when profiles of 294 K is 
exchanged with those of 300 K or 303 K for September 2005. All ΔOLR is the change 
from the original OLR of 285.3 Wm-2. 
 
294 K 
285.3 Wm-2 
300 K 
297.7 Wm-2 
(ΔOLR=12.4  Wm-2) 
303 K 
289.3 Wm-2 
(ΔOLR=4.0  Wm-2) 
exchanged property 
(300 K or 303 K) 
OLR ΔOLR OLR ΔOLR 
 surf temp 293.5 
8.2 
(2.9 %) 
297.8 
12.5 
(4.4 %) 
lower temp 295.0 
9.7 
(3.4 %) 
297.3 
12.0 
(4.2 %) 
upper temp 290.1 
4.8 
(1.7 %) 
290.5 
5.2 
(1.8 %) 
total temp 299.5 
14.2 
(5.0 %) 
302.3 
17.0 
(6.0 %) 
surf and total temp 307.7 
22.4 
(7.8 %) 
314.7 
29.4 
(10.3 %) 
     
lower water vapor 277.7 
-7.6 
(-2.6 %) 
269.8 
-15.5 
(-5.4 %) 
upper water vapor 282.1 
-3.2 
(-1.1 %) 
274.7 
-10.6 
(-3.7 %) 
total water vapor 274.8 
-10.5 
(-3.7 %) 
261.1 
-24.2 
(-8.5 %) 
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When the properties of 294 K are exchanged by 300 K, OLR increases 22.4 Wm-
2 by the temperature effect and decreases 10.5 Wm-2 by the water vapor effect. The 
surface temperature effect (8.2 Wm-2) contributes 37 % of the temperature effect (22.4 
Wm-2) and the atmospheric lapse rate contributes the remaining 63 %. The lapse rate 
effect in the lower troposphere (9.7 Wm-2) is twice as large as that in the upper 
troposphere (4.8 Wm-2). The lower troposphere water vapor effect (-7.6 Wm-2) is much 
larger than the upper troposphere water vapor effect (-3.2 Wm-2). When the properties of 
294 K are exchanged with 303 K, all OLR changes are larger in magnitude compared to 
the changes created by the 300 K properties. However, the ratio of contribution to each 
change remains relatively constant. For example, the effect of surface temperature 
change (12.5 Wm-2) occupies 43 % of the temperature effect (29.4 Wm-2). The decrease 
of OLR by water vapor (-24.2 Wm-2) of the 303 K profile is much larger than that of 300 
K (-10.5 Wm-2) while the increase of OLR by temperature (29.4 Wm-2) of 303 K is only 
7 Wm-2 larger than that of 300 K (22.4 Wm-2). Thus, the total OLR difference between 
294 K and 303 K (4.0 Wm-2) is smaller than that between 294 K and 300 K (12.4 Wm-2). 
In summary, when the atmospheric profile of 294 K is exchanged with that of 300 K or 
303 K, the effect of temperature increases OLR in response to the increase of 
temperature and the effect of water vapor decreases OLR in response to the increased 
absorption by water vapor. 
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In Table 4.2, the OLR changes at 300 K of surface temperature when exchanged 
atmospheric profiles of 294 K or 303 K are presented. The net OLR change between 300 
K and 294 K is an OLR decrease of 12.4 Wm-2 and the change between 300 K and 303 
K is an OLR decrease of 8.4 Wm-2. However, the mechanism of the OLR decrease is 
different for each case. When atmospheric profiles of 300 K are exchanged with those of 
294 K, the effect of temperature decreases OLR (-22.1 Wm-2) while the effect of water 
vapor increases OLR (10.9 Wm-2) resulting in a net decrease of OLR because the 
decrease by temperature effect is larger than the increase by water vapor effect. When 
atmospheric profiles of 300 K are exchanged with those of 303 K, the effect of 
temperature increases OLR (6.3 Wm-2) while the effect of water vapor decreases OLR (-
14.1 Wm-2) leading to a net decrease of OLR because the decrease by water vapor effect 
is larger than the increase by temperature effect. It is noted that the effect of the lower 
troposphere lapse rate (-11.6 Wm-2) is more than half of the temperature effect (-22.1 
Wm-2) when profiles of 300 K are exchanged with those of 294 K. Also, the effect of the 
upper troposphere water vapor (-7.0 Wm-2) is almost comparable to that of the lower 
troposphere water vapor (-7.8 Wm-2). Except for this, the effect of lower troposphere is 
larger than that of the upper troposphere in every case, including both the effect of 
temperature and water vapor. 
Table 4.3 shows the result of OLR change at 303 K of surface temperature by 
exchanged properties of 294 K or 303 K. The net change in OLR decreases when 
properties of 303 K are exchanged with those of 294 K and increases when exchanged 
with those of 300 K. The effect of temperature decreases OLR (-27.2 Wm-2) and the  
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Table 4.2 The change in OLR at 300 K of surface temperature when profiles of 300 K is 
exchanged with those of 294 K or 303 K for September 2005. All ΔOLR is the change 
from the original OLR of 297.7 Wm-2. 
 
 
 
 
300 K 
297.7 Wm-2 
294 K 
285.3 Wm-2 
(ΔOLR=-12.4  Wm-2) 
303 K 
289.3 Wm-2 
(ΔOLR=-8.4  Wm-2) 
exchanged property 
(294 K or 303 K) 
OLR ΔOLR OLR ΔOLR 
 surf temp 292.1 
-5.6 
(-1.9 %) 
300.7 
3.0 
(1.0 %) 
lower temp 286.1 
-11.6 
(-3.9 %) 
300.5 
2.8 
(0.97 %) 
upper temp 292.6 
-5.1 
(-1.7 %) 
298.2 
0.50 
(0.17 %) 
total temp 281.2 
-16.5 
(-5.5 %) 
301.1 
3.4 
(1.1 %) 
surf and total temp 275.6 
-22.1 
(-7.4 %) 
304.0 
6.3 
(2.1 %) 
     
lower water vapor 305.0 
7.3 
(2.5 %) 
289.9 
-7.8 
(-2.6 %) 
upper water vapor 300.9 
3.2 
(1.1 %) 
290.7 
-7.0 
(-2.4 %) 
total water vapor 308.6 
10.9 
(3.7 %) 
283.6 
-14.1 
(-4.7 %) 
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Table 4.3 The change in OLR at 303 K of surface temperature when profiles of 303 K is 
exchanged with those of 294 K or 300 K for September 2005. All ΔOLR is the change 
from the original OLR of 289.3 Wm-2. 
 
303K 
289.3 Wm-2 
294 K 
285.3 Wm-2 
(ΔOLR=-4.0  Wm-2) 
300 K 
297.7 Wm-2 
(ΔOLR=8.4  Wm-2) 
exchanged property 
(294 K or 300 K) 
OLR ΔOLR OLR ΔOLR 
 surf temp 283.2 
-6.1 
(-2.1 %) 
287.2 
-2.1 
(-0.71 %) 
lower temp 274.5 
-14.8 
(-5.1 %) 
286.5 
-2.8 
(-0.95 %) 
upper temp 282.5 
-6.8 
(-2.4 %) 
288.7 
-0.60 
(-0.21 %) 
total temp 267.8 
-21.5 
(-7.4 %) 
285.9 
-3.4 
(-1.2 %) 
surf and total temp 262.1 
-27.2 
(-9.4 %) 
283.8 
-5.5 
(-1.9 %) 
     
lower water vapor 304.6 
15.3 
(5.3 %) 
297.2 
7.9 
(2.7 %) 
upper water vapor 298.6 
9.3 
(3.2 %) 
295.6 
6.3 
(2.2 %) 
total water vapor 316.0 
26.7 
(9.2 %) 
304.2 
14.9 
(5.2 %) 
  
93
effect of water vapor increases OLR (26.7 Wm-2) when profiles of 303 K are exchanged 
with those of 294 K. However, the similar magnitude of the two effects results in a small 
decrease in net OLR change. The effect of temperature decreases OLR (-5.5 Wm-2) and 
the effect of water vapor increases OLR (14.9 Wm-2) when properties of 303 K are 
exchanged with those of 300 K. The net OLR change is positive due to the larger 
positive effect by water vapor. 
Similarly, to examine the relative effect of surface temperature, lapse rate, and 
water vapor on the greenhouse effect, the properties of 294 K, 300 K, and 303 K are 
exchanged and the greenhouse effect is recalculated using the exchanged properties. 
Table 4.4 shows the change in the greenhouse effect at 294 K of surface temperature 
when properties of 294 K are exchanged with those of 300 K or 303 K. The original 
greenhouse effect at 294 K, 300 K, and 303 K is 129.2 Wm-2, 150.6 Wm-2, and 176.3 
Wm-2, respectively. If the surface temperature increases from 294 K to 300 K, the 
greenhouse effect increases by 25.5 Wm-2 because of the increased surface emission. 
The increase in the lapse rate produces the decrease in the greenhouse effect because the 
OLR increases by increased atmospheric temperature. The effect of the lower 
tropospheric lapse rate (-9.7 Wm-2) is larger than that of the upper tropospheric lapse rate 
(-4.8 Wm-2). The net effect of temperature on the greenhouse is an increase of 11.3 Wm-
2 because the increase by the effect of surface temperature (25.5 Wm-2) exceeds the 
decrease by the effect of lapse rate (-14.2 Wm-2). The effect of increased water vapor 
produces the increase in the greenhouse effect because increased water vapor absorbs 
more longwave radiation from the surface or lower atmosphere and eventually reduces  
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Table 4.4 The change in greenhouse effect at 294 K of surface temperature when profiles 
of 294 K is exchanged with those of 300 K or 303 K for September 2005. All ΔGa is the 
change from the original greenhouse effect of 129.2 Wm-2. 
294 K 
129.2 Wm-2 
300 K 
150.6 Wm-2 
(ΔGa=21.4  Wm-2) 
303 K 
176.3 Wm-2 
(ΔGa=47.1  Wm-2) 
exchanged property 
(300 K or 303 K) 
Ga ΔGa Ga ΔGa 
 surf temp 154.7 
25.5 
(19.7 %) 
167.8 
38.5 
(29.8 %) 
lower temp 119.5 
-9.7 
(-7.5 %) 
117.2 
-12.0 
(-9.3 %) 
upper temp 124.4 
-4.8 
(-3.7 %) 
124.0 
-5.2 
(-4.0 %) 
total temp 115.0 
-14.2 
(-11.0 %) 
112.3 
-17.0 
(-13.1 %) 
surf and total temp 140.5 
11.3 
(8.8 %) 
150.8 
21.6 
(16.7 %) 
     
lower water vapor 136.8 
7.6 
(5.8 %) 
144.7 
15.5 
(12.0 %) 
upper water vapor 132.4 
3.2 
(2.5 %) 
139.8 
10.6 
(8.2 %) 
total water vapor 139.7 
10.5 
(8.1 %) 
153.4 
24.2 
(18.7 %) 
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OLR. Positive effects from both temperature and water vapor result in the net increase in 
the greenhouse effect when properties of 294 K are exchanged with 300 K. The results 
are similar with larger magnitudes when properties of 294 K are exchanged with 303 K. 
It is noted that the temperature effect and water vapor effect on the change in the 
greenhouse effect are similar in magnitude for both 300 K and 303 K. 
The changes in the greenhouse effect at the surface temperature of 300 K when 
the atmospheric profiles of 300 K are exchanged with those of 294 K or 303 K are 
presented in Table 4.5. If the surface temperature is exchanged with 294 K, the 
greenhouse effect decreases by 21. 4 Wm-2 due to the decreased emission from the 
surface. However, the exchanged atmospheric lapse rate has a positive effect (16.4 Wm-
2) on the greenhouse effect because of the decreased OLR at the lower temperature. The 
net temperature effect on the greenhouse effect is negative (-11.7 Wm-2) because the 
surface temperature effect (-28.1 Wm-2) is much larger than the atmospheric lapse rate 
effect (16.4 Wm-2). The effect of water vapor decreases the greenhouse effect (-10.9 
Wm-2) due to the decrease of water vapor, which can not decrease OLR effectively. Both 
the negative effects of temperature and water vapor when 300 K profiles are exchanged 
with 294 K lead to a net decrease in the greenhouse effect. When the profiles of 300 K 
are exchanged with those of 303 K, the net change in the greenhouse effect is an increase 
of 25.7 Wm-2. The temperature has a positive effect of 11.0 Wm-2 and the water vapor 
also has a positive effect of 14.1 Wm-2. Similar to the change in OLR, the effect of the 
upper tropspheric water vapor (7.0 Wm-2) is comparable to the effect of the lower  
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Table 4.5 The change in greenhouse effect at 300 K of surface temperature when profiles 
of 300 K is exchanged with those of 294 K or 303 K for September 2005. All ΔGa is the 
change from the original greenhouse effect of 150.6 Wm-2.  
 
 
 
300 K 
150.6 Wm-2 
294 K 
129.2 Wm-2 
(ΔGa=-21.4  Wm-2) 
303 K 
176.3 Wm-2 
(ΔGa=25.7  Wm-2) 
exchanged property 
(294 K or 303 K) 
Ga ΔGa Ga ΔGa 
 surf temp 122.5 
-28.1 
(-18.7 %) 
164.9 
14.3 
(9.5 %) 
lower temp 162.1 
11.5 
(7.7 %) 
147.7 
-2.9 
(-1.9 %) 
upper temp 155.6 
5.0 
(3.3 %) 
150.1 
-0.50 
(-0.33 %) 
total temp 167.0 
16.4 
(10.9 %) 
147.2 
-3.4 
(-2.3 %) 
surf and total temp 138.9 
-11.7 
(-7.7 %) 
161.6 
11.0 
(7.3 %) 
     
lower water vapor 143.2 
-7.4 
(-4.9 %) 
158.3 
7.7 
(5.2 %) 
upper water vapor 147.3 
-3.3 
(-2.2 %) 
157.6 
7.0 
(4.7 %) 
total water vapor 139.7 
-10.9 
(-7.2 %) 
164.7 
14.1 
(9.4 %) 
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tropospheric water vapor (7.7 Wm-2) only when the profiles of 300 K are exchanged 
with those of 303 K. 
In Table 4.6, the changes in the greenhouse effect are presented when properties 
of 303 K are exchanged with those of 294 K or 300 K. There is a large decrease in the 
greenhouse effect (-45.0 Wm-2) by the decrease of surface temperature from 303 K to 
294 K. Thus, the net temperature effect is still negative (-23.9 Wm-2) despite the positive 
effect due to the change of lapse rate (21.5 Wm-2). The effect of water vapor on the 
greenhouse effect is also negative (-26.7 Wm-2). The negative effects of both 
temperature and water vapor lead to the large negative effect on the greenhouse effect (-
47.1 Wm-2) when the profiles of 303 K are exchanged with those of 294 K. When the 
profiles of 303 K are exchanged with those of 300K, the tendencies of change in the 
greenhouse effect are similar to those when exchanged with 294 K. The effect of 
temperature is negative (-11.8 Wm-2) and the effect of water vapor is also negative (-
15.0 Wm-2) resulting in a net decrease in the greenhouse effect (-25.7 Wm-2). 
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Table 4.6 The change in greenhouse effect at 303 K of surface temperature when profiles 
of 303 K is exchanged with those of 294 K or 300 K for September 2005. All ΔGa is the 
change from the original greenhouse effect of 176.3 Wm-2. 
 
 
303 K 
176.3 Wm-2 
294 K 
129.2 Wm-2 
(ΔGa=-47.1  Wm-2) 
300 K 
150.6 Wm-2 
(ΔGa=-25.7  Wm-2) 
exchanged property 
(294 K or 300 K) 
Ga ΔGa Ga ΔGa 
 surf temp 131.3 
-45.0 
(-25.5 %) 
161.0 
-15.3 
(-8.7 %) 
lower temp 191.1 
14.8 
(8.4 %) 
179.1 
2.8 
(1.6 %) 
upper temp 183.1 
6.8 
(3.9 %) 
176.9 
0.60 
(0.34 %) 
total temp 197.8 
21.5 
(12.2 %) 
179.7 
3.4 
(1.9 %) 
surf and total temp 152.4 
-23.9 
(-13.5 %) 
164.5 
-11.8 
(-6.7 %) 
     
lower water vapor 161.0 
-15.3 
(-8.7 %) 
168.4 
-7.9 
(-4.5 %) 
upper water vapor 167.0 
-9.3 
(-5.3 %) 
170.0 
-6.3 
(-3.6 %) 
total water vapor 149.6 
-26.7 
(-15.1 %) 
161.3 
-15.0 
(-8.5 %) 
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CHAPTER V 
CONCLUSIONS 
 
5.1 The influence of thermodynamic phase on the retrieval of mixed-phase cloud 
microphysical and optical properties in the visible and near infrared region 
Mixed-phase clouds are a frequent phenomenon in the atmosphere and are 
important for several reasons. This study investigated the accuracy of the retrieval of two 
properties, effective particle size and optical thickness, for a single layered cloud 
containing both ice and water particles using the bidirectional reflectance at two 
wavelengths. The mixed-phase cloud was modeled as an external mixture of ice and 
water particles rather than as two distinct layers, each of which has hydrometeors of a 
single phase. Bidirectional reflectances were computed using a discrete ordinates 
radiative transfer model over an ocean surface having an albedo of 0.3. Based on these 
simulated reflectances for both single-phase and mixed-phase clouds, the effective 
particle diameter and optical thickness were inferred. The sensitivity of these inferred 
values to the ice fraction was investigated. It was shown that the assumption of a single 
thermodynamic phase can induce errors in the retrieved parameters when the cloud is 
composed of both ice and water, since the bidirectional reflectances are influenced by 
the ice fraction. Specifically, the effective particle size retrieved for a mixed-phase cloud 
from the visible and near-infrared bands can be underestimated (or overestimated) if 
pure water (or ice) phase is assumed, whereas the corresponding optical thickness of the 
mixed-phase cloud can be overestimated (or underestimated). While results were 
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presented for only one solar-satellite-viewing geometry, sensitivity to ice fraction is 
expected to hold for viewing conditions that are unaffected by sunglint. Finally, it was 
noted that the identification of mixed-phase clouds as well as their discrimination from 
well-separated multiphase cloud layers (such as thin cirrus overlying a lower-level water 
cloud) remains a very challenging task for passive satellite sensors.  
 
5.2 The distribution of tropical thin cirrus clouds and their radiative impact: 
analyses based on MODIS and AIRS measurements 
The fraction of observations and optical depth of tropical thin cirrus clouds were 
retrieved to study the characteristics of temporal and spatial distributions. The optical 
depths of thin cirrus clouds were retrieved using MODIS 1.38 μm reflectance over 
oceans and clear-sky pixels determined by MODIS cloud mask. It was found that these 
thin cirrus clouds were more frequently observed near deep convective region in the 
western Pacific. Detectible thin cirrus clouds were retrieved in more than 40 % of pixels 
flagged as clear-sky. The regions of high fraction and large optical depth were located in 
the northern hemisphere during spring and summer and moved southward during autumn 
and winter. The radiative effects of tropical thin cirrus clouds were calculated using 
retrieved optical depth, atmospheric profiles from AIRS, and parameterized optical 
properties of ice clouds. The thin cirrus clouds produced a heating in the lower part of 
clouds and cooling in the upper part of clouds within cloud layer. Atmospheric heating 
was larger for the smaller particle with constant ice water content and increased with 
increasing effective size of ice particle due to larger absorption. To investigate how the 
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clouds change the radiation field in the atmosphere, the net flux changes at the top and 
bottom of atmosphere were calculated. The thin cirrus clouds showed a net positive 
forcing at the top of atmosphere due to a larger positive longwave forcing and a net 
negative forcing at the bottom of atmosphere due to a larger negative shortwave forcing.  
 
5.3 Comparison of CERES clear-sky OLR and model-calculated OLR from AIRS 
atmospheric profiles over the tropics and dependence of OLR and the greenhouse 
effect on surface temperature and water vapor 
CERES clear-sky OLR and model-calculated OLR were compared to investigate 
the effects of temperature and water vapor on OLR. The AIRS profiles were co-located 
with CERES pixels, interpolated into 100 levels, and used as input data for atmospheric 
profiles in a radiative transfer model. The mean difference between them was 4.2 Wm-2 
for September 2005 with a standard deviation of 2.1 Wm-2.  The difference was largest 
in the high OLR regions where low water vapor exists and smallest over the humid 
regions. The OLR increased with increasing surface temperature but decreased if surface 
temperature was greater than 300 K. The water vapor also increased with increasing 
surface temperature but increased water vapor absorbs more longwave radiation emitted 
from the surface or lower atmosphere and radiates it back to the surface resulting in 
reduced OLR at the top of atmosphere. 
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